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Abstract 

Ocean acidification caused by increased atmospheric carbon dioxide (CO2) will lead to 

enhanced acidity and lowered carbonate ion concentration in the marine environment. Most of 

the atmospheric CO2 absorbed by the oceans resides in relatively shallow waters; however, 

surface seawaters are slowly mixing with the intermediate and deep seawaters of the oceans. 

Over time, this acidification effect will spread to the deep oceans. Due to the lack of carbonate 

as a natural buffer to pH decrease, the deep-sea environments are more vulnerable to pH 

changes. The response of metal-rich deep-sea ferromanganese (Fe–Mn) nodules to predicted 

pH values have been investigated in Chapter 2. On the other hand, marine organisms such as 

planktonic foraminifera build their shells by using the carbonate ion from the seawater, the 

influence of seawater chemistry changes on planktonic foraminifera, Globigerinoides ruber 

(white), have been discussed in Chapter 3. 

The experiments by using phosphate buffer solutions revealed that the release of element 

from deep-sea Fe–Mn nodules is not simply increased in response to pH decrease. The element 

behavior is mainly regulated by sorption-desorption processes which are primarily determined 

by changes in the acidity of the solutions and ion species in the solutions. Based on this result, 

we improved the assessment by introducing artificial seawaters and a CO2-induced pH 

regulation system. The pH changes caused by ocean acidification are simulated by adjusting 

the pH of the artificial seawaters through altering the partial pressure of CO2. The improved 
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experiments revealed that the pH decrease caused by ocean acidification would promote the 

elements those exist as positively charged ions or complexes to release from the deep-sea 

sediments and restrain the elements those exist as negatively charged ions or complexes to be 

exchanged into the seawaters. 

In order to investigate the response of the foraminiferal shells to ocean acidification, a 

piston core collected from above the lysocline in the East China Sea was used. The shells of 

planktonic foraminifera Globigerinoides ruber (white) were picked and performed weight/size 

measurements and X-ray microcomputed tomography (XMCT) measurements. The size-

normalized weight of Globigerinoides ruber (white) covaries well with atmospheric pCO2, 

which agrees with previous studies and manifest that the size-normalized weight of planktonic 

foraminiferal shells primarily reflects the changes of carbonate chemistry in surface seawaters. 

The high-resolution XMCT results helped to verify the post-depositional alteration and 

revealed that ocean acidification affects the shell volume (i.e., shell wall thickness) rather than 

shell density of planktonic foraminifera G. ruber (w).  
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1. Carbon cycle, atmospheric CO2, and ocean acidification 

1.1. Carbon cycle and the oceans 

Carbon is exchanging among the terrestrial biosphere, the oceans, the atmosphere, and 

the sediments through various chemical processes, which is known as the carbon cycle. 

(Falkowski et al. 2000; Raven et al. 2005). The oceans act as an important reservoir in the 

carbon cycle as carbon dioxide (CO2) can be adsorbed into the seawaters and release back to 

the atmosphere. The transportation of CO2 into the oceans occurs in two different processes, 

one is air-sea gas exchanges, and the other is biological uptake (Field et al. 1998; Falkowski 

et al. 2000). 

The oceans act as a significant carbon reservoir and play an important role in the carbon 

sink. The oceans reserve about 3.8×104 Gt (gigatons; 1 Gt = 1015 grams) of carbon, which is 

more than 55 times of the atmosphere reservoir and 19 times of the terrestrial biosphere. The 

surface oceans adsorb 102 Gt of carbon per year meanwhile releasing about 100 Gt into the 

atmosphere. Comparing with the carbon exchanges between other reservoirs, the net sink of 

atmospheric carbon into the oceans is quite small. However, the oceanic uptake is a notable 

proportion compared to the total amount of anthropogenic carbon release (6 Gt per year) into 

the atmosphere (Raven et al. 2005). 

The carbon in some reservoirs, such as rocks, sediments, and deep-sea water masses, 

hardly affect the carbon exchange in the surface oceans or the atmosphere on millennial 

timescales since carbon in these reservoirs exchanges on relatively longer geological 
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timescales. However, since the pre-industrial era, human activities have greatly accelerated 

the carbon exchange rate among these reservoirs and led to a dramatic increase in the 

concentration of atmospheric CO2 (IPCC 2013). 

 

1.2. Atmospheric CO2 and ocean acidification 

Atmospheric CO2 levels increased from pre-industrial levels of approximately 280 

ppmv (parts per million by volume) to nearly 410 ppmv (NOAA 2018). This increasing rate 

is at least an order of magnitude faster than has occurred for millions of years and is mainly 

driven by human fossil fuel combustion and deforestation (Doney and Schimel 2007; Doney 

et al. 2009). The atmospheric CO2 would be approximately 450 ppmv today without being 

tempered by surface ocean uptake. The oceanic uptake processes account for nearly 30% of 

anthropogenic CO2 added to the atmosphere (Sabine et al. 2004). Ocean uptake will help to 

moderate future climate change caused by increased atmospheric pCO2; however, it is not 

harmless. The absorption of atmospheric CO2 into seawater causes seawater acidity 

reductions and alterations in carbonate chemical balances. These processes are commonly 

referred to as ocean acidification. Absorption of atmospheric CO2 into the oceans increased 

the seawater acidity, reduced pH, and lowered calcium carbonate saturation in surface 

seawaters (Caldeira and Wickett 2003, 2005; Feely et al. 2004; Orr et al. 2005; Feely et al. 

2013). 
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2. Effects of Ocean Acidification and carbonate chemistry in seawater 

2.1. The acidity and carbonate chemistry in the oceans 

According to Henry’s Law, an increase in the atmospheric level of CO2 increases the 

concentration of CO2 in the surface seawaters. CO2 exists in the atmosphere as a chemically 

unreactive gas. However, once dissolved in seawater, it becomes reactive and takes part in a 

couple of geochemical processes. The reaction between CO2 and water (H2O) to form 

carbonic acid (H2CO3), and the decomposition of H2CO3 release carbonate ions (CO3
2−) and 

hydrogen ions (H+) into the seawater. Consequently, dissolution of CO2 into the surface 

seawaters affects the acidity and carbonate chemistry of the oceans. 

A series of geochemical processes across the ocean-atmosphere interaction surface 

governs the acidity and carbonate chemistry of the seawaters.  

(1)                      CO2(atm) ↔ CO2(aq)  

(2)                      CO2(aq) + H2O ↔ H2CO3 

(3)                      H2CO3 ↔ H+ + HCO3
− 

(4)                      HCO3
− ↔ H+ + CO3

2− 

Air-sea gas exchange equilibrates CO2 concentration in the surface water to atmospheric 

levels within approximately one year, and the processes are reversible and near equilibrium 

(Millero et al. 2002). Once the atmospheric CO2 adsorbed into seawater to form aqueous CO2 

(1), CO2 reacts with water to form H2CO3 (2), which can then dissociate by releasing 

hydrogen ions to form bicarbonate ions (HCO3
−) (3) and carbonate ions (CO3

2−) (4). 
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Absorption of CO2 into the seawater increases the concentrations of aqueous CO2, HCO3
−, 

and H+; and in turn, lowers the pH of seawaters and concentration of CO3
2−. 

CO2 dissolves into the seawaters and mainly exists as three inorganic forms: CO2, 

HCO3
−, and CO3

2–. The sum of these three inorganic forms is known as dissolved inorganic 

carbon (DIC). The relative proportion of the three inorganic forms varies with the acidity of 

the seawater, and the amount of DIC changes according to the total alkalinity, temperature, 

and pressure of the seawaters. Under the current ocean condition, only about 1% of DIC is in 

the form of dissolved CO2, and most of it is in the form of HCO3
− (91%) and CO3

2– (8%) 

(Raven et al. 2005). 

 

2.2. pH variation in the oceans 

The most direct effect of ocean acidification is the pH changes in the seawaters. The 

current surface oceans have an average pH of about 8.2, while this value can vary within ±0.3 

units due to regional and seasonal factors. The spatial variation of the pH values of the oceans 

is primarily controlled by the surface temperature of the oceans and the upwelling of CO2-

rich deep water. Lower sea surface temperature enhances the dissolution of atmospheric CO2 

into the seawaters, while elevated seawater temperature reduces the amount of CO2 in the 

oceans. When CO2 dissolves into seawaters at a fixed temperature, the pH of the seawater 

decreases. In general, the water masses in the deep oceans have higher CO2 concentration 

since organic materials exported from the surface biological production decompose and result 
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in CO2 addition into the deep waters. When this CO2-rich and low pH deep water upwells to 

the surface, it alters the pH distribution in the surface waters (Raven et al. 2005). 

The temporal variation of seawater pH values in response to the changes in atmospheric 

CO2 concentration can be theoretically estimated. Zeebe and Wolf-Gladrow (2001) predicted 

that the surface seawater pH would fall to below 7.9 by 2100. However, they just considered 

the surface ocean surfaces as a single “box” (constant sea surface temperature, salinity, and 

an initial pH of 8.2) without water masses mixing and assumed that anthropogenic release of 

CO2 continues to be the current trend. Caldeira and Wickett (2003) performed a more detailed 

estimate using an ocean general-circulation model with observed pressure of atmospheric 

CO2 from 1975 to 2000 and with CO2 emission from the Intergovernmental Panel on Climate 

Change’s IS92a scenario for 2000-2100. Their result showed that the initial changes of the 

seawater pH in the surface ocean are rapid and that the response of the deep is quite slow. 

However, as CO2 continues to dissolve into the seawaters, the acidification effect is slowly 

transferred from the shallow to the deep oceans. With the continuous rise in CO2 emissions 

from human activities, the pH of surface seawaters will potentially decline from 8.1 to 7.4, 

while the pH reduction of the deep-sea counterpart will be about 0.4 units, declining from 

about 7.6 to 7.2. 

 

2.3 DIC as a pH buffer in the oceans 

The DIC in seawater acts to buffer the changes of seawater acidity. HCO3
– and CO3

2–, 
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the primary forms of DIC, are the major contributors to seawater alkalinity as well. The 

relative proportion of the three forms of DIC regulates the seawater acidity within a relatively 

narrow range. When additional hydrogen ions are added into the seawaters due to 

acidification processes (such as CO2 adsorption), CO3
2– reacts with the additional hydrogen 

ions and form HCO3
–. This process diminishes the effect of acidification so that the pH drop 

is less than expected. However, this process also consumes some CO3
2–; therefore, when an 

acid (such as CO2 in the case of ocean acidification) is continually added into the seawaters, 

the buffer capacity of the seawaters to restrict pH changes declines. 

On the other hand, the interaction of the deep waters with carbonate-rich sediments can 

compensate the pH buffer capacity of the oceans. On the longer timescales of ocean mixing, 

some carbonate fraction in the sediments dissolves into the seawater to compensate the 

concentration of CO3
2–, so that changes in seawater acidity can be restricted further. However, 

this compensation effect greatly depends on the distribution of seafloor carbonate sediments. 

The pH buffer capacity is limited in the deep-sea area where carbonate sediments are rare. 

 

2.4. Carbonate distribution in the oceans 

Most carbonate (CaCO3) is produced within the sea surface by marine organisms, such 

as foraminifera and coccolithophorid, and transported to deep oceans through “biological 

pump”. Only about 50% of the CaCO3 exported from the surface to the deeper waters. In this 

portion, about 30% finally preserved in the sediments and less than 15% of the CaCO3 is 
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dissolved throughout the water column (Archer 1996; Milliman and Droxler 1996). 

The CaCO3 production in the surface oceans combining with the CaCO3 dissolution 

processes through the seawaters and within the sediments regulates the distribution of CaCO3 

across the seafloor sediments. Generally, there are mainly three types of CaCO3 dissolution 

processes from the sea surface to the seafloor. (1) the dissolution within the seawaters. About 

60–80% of CaCO3 dissolved in the water depth above the chemical lysocline due to 

biological activities (Milliman et al. 1999); (2) the dissolution on the sediment surface. This 

type of dissolution occurs on the seafloors below the lysocline where carbonate is 

undersaturated (Peterson 1966, Archer 1996); (3) The dissolution within sediments. The 

combustion of organic materials produces and releases CO2 into the pore water, which results 

in CaCO3 dissolution within the sediments (Berger 1970). 

The water depth of the transition zone in the ocean affects the CaCO3 distribution in the 

seafloor sediments. The transition zone in the oceans is an area that below lysocline and 

above carbonate compensation depth (CCD), spanning several hundreds of meters in water 

depth. The zone above the transition zone is rich in CaCO3 while the zone beneath it is almost 

entirely devoid of CaCO3 (Archer 1996). Therefore, the regions with high CaCO3 content are 

mostly located on the shallow ocean ridges, and the deep oceans below the CCD are always 

utterly devoid of CaCO3. 
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3. Objectives and purposes of the dissertation 

Ocean acidification caused by the oceanic uptake of CO2 from atmosphere lowers the 

acidity of the seawaters and alters the carbonate chemistry in the oceans. The process affects 

the marine environments not only on the shallow but also on the deep since the ocean 

circulation connects these two parts. 

Although most of the adsorption of atmospheric CO2 into the oceans occurs in the 

relatively shallow seawaters, the influence of ocean acidification will spread to the deep 

counterpart (Caldeira and Wickett 2003). The deep-sea below the CCD is more susceptive 

due to the almost complete dissolution of carbonate, which could play the role as a natural 

buffer to the acidity changes of the bottom water. On the other hand, many marine organisms 

in the surface ocean, such as foraminifera and coccolithophorid, uptake CO3
2– and secrete 

their shells, acting as a “biological pump” to export carbonate into the deep oceans. The 

lowering of carbonate ion concentration ([CO3
2–]) in the surface seawaters caused by ocean 

acidification affects the biological carbonate formation and in turn the carbon cycle (Figure 

1.1). This dissertation investigated the influence of ocean acidification on the deep-sea Fe–

Mn nodules and planktonic foraminifera. 

 

3.1 Ocean acidification alters the pH: Influence on the deep-sea Fe–Mn nodules 

DIC can act as a natural buffer to regulate seawaters within a relatively narrow acidity 

range (Zeebe and Wolf-Gladrow 2001; Raven et al. 2005); however, sediments in deep oceans 
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Figure 1.1 The process of ocean acidification and the influence on shallow and deep oceans. 
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below the CCD are often completely devoid of carbonate particles (Archer 1996; Ridgwell 

and Zeebe 2005). Deep-sea environments below the CCD are more vulnerable to decreasing 

pH. Although the impacts of ocean acidification on calcification of marine organisms and 

chemical speciation of the seawaters have been estimated (Millero et al. 2009; Kawahata et 

al. 2015), the potential influence of decreasing pH on the behavior of metals bound to deep-

sea sediments such as ferromanganese (Fe–Mn) nodules is still unknown. 

Deep-sea Fe–Mn nodules precipitate mainly across the deep seafloor characterized by 

low sedimentation rates (i.e., < 5 mm ka-1) where inputs of calcareous ooze, turbidity flows, 

and volcanic ash is rare (Glasby 2006). The nodules with the highest grade occur on pelagic 

clay and siliceous ooze far from land and near or below the CCD (Glasby 1991; Verlaan et 

al. 2004). They occur worldwide and are found in most major oceanic basins. Their 

distribution is also related to the patterns of oceanic bottom water flow and, to a lesser extent, 

to the availability of potential nuclei on which they grow such as weathered volcanic rock, 

pumice, whales’ ear-bones, sharks’ teeth, fragments of older nodules and indurated sediment. 

Deep-sea Fe–Mn nodules have been intensively studied since their discovery, and a large 

amount of data on the geochemical composition of these marine precipitates from many 

locations in the world oceans is available (i.e., Koschinsky and Halbach 1995, and the 

references therein). Fe–Mn nodules are currently being explored and evaluated as potential 

targets of deep-sea mining due to their high contents of various metals such as Fe, Mn, Cu, 

Co, Ni, Pt, Zr, Hf, Nb, Ta, Mo, W, Te and rare earth elements (REEs) (Hein et al. 2013). 
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The extension of ocean acidification to deep oceans would profoundly affect the deep-

sea geochemical environments, as well as the sedimentary environment of deep-sea Fe–Mn 

nodules. It has been reported that decreasing pH will result in changes in the behavior and 

fate of metals in seawater and sediments (Caldeira and Wickett 2003; Raven et al. 2005). A 

reduction in the pH of seawater may release previously bound metals from the deep-sea 

sediments into the water column and, hence, cause metal release and toxicity in the deep-sea 

environments (Millero et al. 2009; De Orte et al. 2014). 

Chapter 2 focuses on estimating the potential influence of pH decreasing caused by 

ocean acidification on deep-sea Fe–Mn nodules. In this part, two types of deep-sea sediments 

(Fe–Mn nodule and pelagic clay) are treated in phosphate buffer solutions and artificial 

seawater with predicted future pH values. 

 

3.2. Ocean acidification changes the [CO3
2–]: Influence on the planktonic foraminifera 

Marine organisms, such as coral reefs, coccolithophorids, and foraminiferas, build up 

their shells by using carbonate ion from the ambient seawaters. Foraminiferas is one of the 

most abundant testate protists in the world’s ocean, and their shells account for a significant 

portion of the inorganic carbon deposit on the seafloor (Langer 2008). Planktonic 

foraminifera shells transfer and deposit about 32–80% of the total calcium carbonate (CaCO3) 

preserved in deep-sea surface sediments (Schiebel 2002). A variation in the calcification rate 

of planktonic foraminifera shells may have a significant impact on the global carbon cycle. 
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The size-normalized weight of foraminiferas has been used to reflect the variation of 

foraminiferal calcification rate in response to the surface carbonate system (Bijma et al. 2002; 

Mekik and Raterink 2008; Moy et al. 2009; Naik et al. 2010; Marshall et al. 2013; Marshall 

et al. 2015; Osborne et al. 2016). However, some studies suggested that other environmental 

variables such as optimum growth conditions and carbonate saturation state of the bottom 

waters may also affect the observed size-normalized weight of foraminiferal shells. On the 

other hand, another essential but pendent issue is what the size-normalized weight accurately 

represents. The answer to this issue may have significant implications for paleoceanographic 

applications of planktonic foraminiferal shell chemistry. 

Chapter 3 uses weight and size measurements and X-ray microcomputed tomography 

(XMCT) to investigate the influence of [CO3
2–] variation caused by ocean acidification on 

the shells of planktonic foraminifera Globigerinoides ruber (white). 
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Chapter 2 

 

Influence of ocean acidification on deep-sea Fe–Mn 

nodules: Results from leaching experiments by using 

phosphate buffer solutions and artificial seawater 
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Abstract 

With the continuous rise in CO2 emissions, the pH of seawater may decrease extensively 

in the coming centuries. Deep-sea environments are more vulnerable to decreasing pH since 

sediments in deep oceans below the carbonate compensation depth (CCD) are often 

completely devoid of carbonate particles. In order to assess the potential risk of metal release 

from deep-sea sediments in response to pH decrease in seawater, the mobility of elements 

from ferromanganese (Fe–Mn) nodules and pelagic clays was examined. Two geochemical 

reference samples (JMn-1 and JMS-2) were reacted with phosphate buffer solutions and pH-

controlled artificial seawater (ASW) using a CO2-induced pH regulation system. The 

experiments demonstrated that deep-sea sediments have weak buffer capacities by acid–base 

dissociation of surface hydroxyl groups on metal oxides/oxyhydroxides and silicate minerals. 

Element concentrations in the ASW were mainly controlled by elemental speciation in the 

solid phase and sorption–desorption reaction between the charged solid surface and ion 

species in the ASW. These results indicated that the release of heavy metals such as Mn, Cu, 

Zn and Cd should be taken into consideration when assessing the influence of ocean 

acidification on deep-sea environment.  
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1. Introduction 

Since the pre-industrial era, the level of atmospheric CO2 has increased from 

approximately 280 ppmv to nearly 400 ppmv (Doney et al. 2009; NOAA 2018). Driven by 

fossil fuel combustion, deforestation and cement manufacturing, the observed increase is at 

least one to three orders of magnitude faster than has occurred previously for millions of 

years (Sabine et al. 2004; Doney and Schimel 2007). The increasing concentration of 

atmospheric CO2 is mitigated by oceanic uptake, making the surface layer of seawater more 

acidic. Since the Industrial Revolution, the oceans have taken up approximately 50% of the 

anthropogenic CO2, lowering the average pH of the surface oceans by about 0.1 units, 

equivalent to a 30% increase in the concentration of hydrogen ions (Caldeira and Wickett 

2003; Key et al. 2004; Raven et al. 2005; Kump et al. 2009). Absorption of anthropogenic 

CO2, increased acidity, reduced pH, and lowered calcium carbonate saturation in surface 

seawaters, have led to the process of ocean acidification that has been well demonstrated 

from a series of simulations, hydrographic surveys, and time series data (Caldeira and 

Wickett 2003, 2005; Feely et al. 2004; Orr et al. 2005; Feely et al. 2013). 

The ocean surface is in close contact and exchange with the atmosphere. Most of the 

anthropogenic CO2 absorbed by the oceans still resides in relatively shallow waters; however, 

surface seawaters are slowly mixing with the intermediate and deep seawaters of the oceans. 

Over time this acidification effect will spread to the deep oceans. Caldeira and Wickett (2005) 

simulated ocean pH changes for the period of 2000-2100, using an ocean general circulation 
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model using observed atmospheric CO2 concentration from 1975 to 2000. Their results 

indicated that the stabilization of atmospheric CO2 concentration at 450 ppmv produces both 

calcite and aragonite undersaturation in most of the deep oceans. Ilyina and Zeebe (2012) 

also suggested that undersaturation will extend from the ocean floor up to 100-500 m depth 

over the next century. With the continuous rise in CO2 emissions, the pH of surface seawaters 

will decline further, potentially from 8.1 to 7.4, while the pH reduction of the deep-sea 

counterpart will be about 0.4 units, declining from about 7.6 to 7.2 (Caldeira and Wickett 

2003). Dissolved inorganic carbon (DIC) can act as a natural buffer to regulate seawaters 

within a relatively narrow acidity range (Zeebe and Wolf-Gladrow 2001; Raven et al. 2005); 

however, sediments in deep oceans below the CCD are often completely devoid of carbonate 

particles (Archer 1996; Ridgwell and Zeebe 2005). Therefore, deep-sea environments are 

more vulnerable to decreasing pH. Although the impacts of ocean acidification on 

calcification of marine organisms and chemical speciation of the seawaters has been 

estimated (Millero et al. 2009), the potential influence of decreasing pH on the behavior of 

metals bound to deep-sea sediments such as Fe–Mn nodules is still unknown. 

Deep-sea metallic sediments, such as Fe–Mn nodules and crusts, are currently being 

explored and evaluated as potential targets of deep-sea mining due to their high contents of 

various metals such as Fe, Mn, Cu, Co, Ni, Pt, Zr, Hf, Nb, Ta, Mo, W, Te and rare earth 

elements (REEs) (Hein et al. 2013). Fe–Mn nodules lie on the abyssal plains at any water 

depth, but the highest-grade nodules form near or below the CCD (Verlaan et al. 2004; Glasby 
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2006). Fe–Mn crusts precipitate on the surface and flanks of seamounts, ridges, and plateaus 

as pavements and coatings on rock outcrops, where near-bottom currents have swept the 

seafloor clear of sediment for millions of years. The extension of ocean acidification to deep 

oceans would profoundly affect the deep-sea geochemical environments, as well as the 

sedimentary environment of deep-sea Fe–Mn deposits. It has been reported that decreasing 

pH will result in changes in the behavior and fate of metals in seawater and sediments 

(Caldeira and Wickett 2003; Raven et al. 2005). A reduction in the pH of seawater may release 

previously bound metals from the deep-sea sediments into the water column and, hence, 

cause metal release and toxicity in the deep-sea environments (Millero et al. 2009; De Orte 

et al. 2014). 

 

2. Leaching experiments by using phosphate buffer solutions  

2.1. Materials 

Geochemical reference materials JMn-1and JMS-2 were used for leaching experiments. 

JMn-1 is a sample of Fe–Mn nodules collected from the ocean floor of the southern Central 

Pacific Basin in 1982 (Terashima et al. 1995). It mainly consists of buserite (an unstable 

manganese oxide that dehydrates to birnessite), with a minor amount of vernadite (low-

crystalline Fe–Mn oxide) and silicate minerals. JMS-2 is a sample of deep-sea sediments 

collected from the Penrhyn Basin, South Pacific in 1983. The sediment is composed of 

pelagic clay, with minor amounts of calcareous and siliceous components (Terashima et al. 
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2002). The most dominant clay mineral is montmorillonite. Philipsite, plagioclase and quartz 

were also identified as crystalline phases. Detailed sample processing has been described in 

elsewhere (Terashima et al. 1995, Terashima et al. 2002). 

 

2.2. Leaching experiments 

Solutions of 0.2 M sodium dihydrogen phosphate (NaH2PO4) and 0.2 M sodium 

hydrogen phosphate (Na2HPO4) were prepared and used to produce buffer solutions with 

different pH values. 47.35ml, 43.50ml, and 30.50ml of 0.2 M NaH2PO4 were respectively 

mixed with 2.65ml, 6.50ml, and 19.50ml of 0.2 M Na2HPO4. These solutions were then 

diluted to 100ml using distilled water. The initial pH values were 8.1/8.2, 7.7/7.8 and 7.1 

(NBS scale), respectively (Table 2.1). 

One gram each of JMn-1 and JMS-2 was placed into separate 100 ml screw cap 

polypropylene bottles, and then mixed with 100 g of phosphate buffer solution. Samples were 

kept in a thermostatic bath (25°C) for 24 hours and/or 120 hours and stirred with a magnetic 

stirrer (Figure 2.1). Residues and leachates were then separated using surfactant-free 

cellulose acetate (SFCA) filters (Sartorius, 0.2 µm pore size). The first 30 ml of leachate were 

not collected, but rather used to wash the filters. Phosphate buffer solutions were filtered in 

the same way for preparing the buffer blanks. Filtered leachates and buffer blanks were 

acidified with ultrapure HNO3 (Kanto Chemical Co. Inc.) and stored in acid-clean 

polypropylene bottles at 4°C. The procedures follow the method by Gupta et al. (2005).  
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Table 2.1 Experiment conditions, element concentrations of leachates (before filtered buffer blank 

subtraction), average element concentrations of filtered buffer blanks and element abundance in bulk 

of JMn-1 and JMS-2. (chemical compositions of JMn-1 and JMS-2 are from Terashima et al. 1995, 

2002 and Awaji 2009) 
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Figure 2.1 Leaching experiment settings by using phosphate buffer solutions to regulate the acidity 

of the solutions. 
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Element concentrations of leachates were then analyzed by ICP-MS (7700x, Agilent 

Technologies, USA) at the Geological Survey of Japan, National Institute of Advanced 

Industrial Science and Technology, Japan. In order to subtract the background and to calculate 

the net concentrations of leachates, element concentrations of filtered buffer blanks were 

analyzed as well. Analytical error during the ICP-MS measurement was typically <±3% RSD 

(error was <±5% RSD for Cu, Zn, Pb and <±10% RSD for Fe) at element concentrations of 

10 ng/g. 

Although buffer solutions were used as solvents in this study, final pH values (pH of 

leachates) were slightly different from the initial values (pH of phosphate buffer solutions). 

Prior to this experiment, pH values of mixtures measured 10 minutes after mixing were the 

same as those after 24 and/or 120 hours. Therefore, we used final pH values. 

 

2.3. Metal precipitation examine 

In the leaching experiments by using phosphate buffer solutions, chemical co-

precipitation reactions between phosphate anions and elements dissolved in solution may 

affect sorption-desorption processes. Some metals may react with phosphate ion (PO4
3−) and 

probably result in co-precipitation. Visual Minteq software was used to estimate the ion 

activation product and saturation index and examine the possible metal precipitations in the 

phosphate solutions. 
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2.4. Result of phosphate buffer solution experiment 

Element concentrations of leachates and average element concentrations of filtered 

buffer blanks are shown in Table 2.1. Net element concentrations of leachates were obtained 

by subtracting the average element concentrations of filtered buffer blanks (n=9) from the 

analyzed element concentrations of leachates. Most of the elements showed clear variation 

as the pH of the mixtures decreased from weakly alkaline to near neutral value. Specifically, 

element concentrations of Li, B, Mg, Si, Sc, Sr, Ba, Tl, and U increase with a decreasing pH 

from weakly alkaline to near neutral value. Concentrations of Al, Cr, Mn, Fe, Ni, Zn, and Pb 

in JMn-1 showed no observable increase or decrease, while concentrations of leachates from 

JMS-2 showed distinct increases except for a slight decrease of Zn and Pb. Concentrations 

of V, Cu, Mo, Cd, and W in JMn-1 showed an obvious reduction as pH decreases, but 

elements in leachates of JMS-2 showed no significant variation in element concentrations 

under different acidity conditions. 

 

3. Leaching experiments by using artificial seawater 

3.1. Artificial seawater 

In seawater carbonate chemistry research, seawater is treated as a constant ionic medium 

in which the thermodynamics of various chemical processes involving minor constituents 

can be studied. Artificial seawater (ASW) is often used rather than natural seawater to 

minimise biological effects and to provide reproducible solutions of known composition. 
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Kester et al. (1967) developed a method for reproducible and satisfactory ASW that agrees 

well with the composition of natural seawater. To simplify the recipe, Dickson (1990) 

replaced HCO3
－
, Br

－
, BO3

3－ and F
－

 with Cl
－

 and Sr2+ with Ca2+. This modified recipe is 

the basis of the ASW that has been used to determine a variety of equilibrium constants for 

use in seawater research (Roy, et al. 1993). 

In this study, ASW was produced according to Dickson’s simplified recipe using 

24.9372 g kg-H2O
-1 NaCl, 11.1042 g kg-H2O

-1 MgCl2·6H2O, 4.1484 g kg-H2O
-1 Na2SO4, 

1.1904 g kg-H2O
-1 CaCl2 (anhydrous), 0.7870 g kg-H2O

-1 KCl (Wako Chemical, Osaka, 

Japan). In addition, 0.2029 g kg-H2O
-1 NaHCO3 (Kanto Chemical. Tokyo, Japan) was added 

to keep the pH buffer capacity at the level of natural seawater, as specified by Kester et al. 

(1967). 

Before adding Fe–Mn nodule or pelagic clay samples, the pH values of ASW samples 

were adjusted to cover the predicted pH range of natural seawater caused by ocean 

acidification (8.1 to 7.2) by altering the partial pressure of CO2 of ASW via CO2 or CO2-free-

air aeration. The CO2-free-air was produced by removing CO2 from the air stream by soda 

lime. The pH of each ASW sample was adjusted to a specific value (for example, the initial 

pH of ASW samples were adjusted to 8.41, 8.08, 7.69, 7.38, 7.05, 6.92 when solid-to-liquid 

(S/L) ratio was set to 1/1000). When the pH was higher than the specific value, CO2 aeration 

was performed, and when the pH dipped lower than the specific value, CO2-free-air aeration 

was executed (Figure 2.2). 
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Figure 2.2 Leaching experiment settings by using artificial seawater. The CO2 or CO2-free-air aeration 

is used to adjust the acidity of the solutions   
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3.2. Experiments 

All glassware and Teflon vials used for sample treatment were leached in 10% HNO3 

(Tamapure, Tama Chemicals, Tokyo, Japan) at room temperature for 12 hours and then rinsed 

three times with ultra-pure water of 18.2 MΩ cm-1 quality (system: Elix 3, Milli-Q plus, 

Millipore). The JMn-1 and JMS-2 samples were carefully weighed and placed into separate 

screw-cap glass bottles (borosilicate glass bottles and polypropylene caps, AS ONE), and 

then mixed with ASW in a S/L ratio of 1/100, 1/1000, and 1/10,000. The bottles were kept in 

a thermostatic bath (25°C) and stirred with a magnetic stirrer (Gupta, et al. 2005; Wang, et 

al. 2017). The experiments were carried out under in-door condition without daylight or 

artificial illumination (Figure 2.2). After 24 hours, the ASW samples were separated using 

surfactant-free cellulose acetate (SFCA) filters (Sartorius, 0.45 μm pore size). The first 20 ml 

of filtered ASW were not collected, but were used to wash the filters and for pH 

measurements. Filtered ASW samples were acidified with ultra-pure HNO3 (Tamapure, Tama 

Chemicals, Tokyo, Japan) and stored in Teflon bottles at 4°C. 

 

3.3. pH measurements 

The pH measurements followed the procedures described by Dickson et al. (2007). The 

pH values of the ASW were determined by measurements of a glass/reference electrode cell 

(Metrohm, Swiss). Standard pH buffer solution values (2-amino-2-hydroxymethyl-1,3-

propanediol “TRIS,” and 2-aminopyridine “AMP”) were then assigned. All sample 
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containers were tightly closed during pH measurements to avoid air exchange with the 

atmosphere, and the temperature was maintained at 25°C (±0.1 °C). After adjusting the 

acidity of ASW via the CO2-induced pH regulation system and before adding Fe–Mn nodule 

or pelagic clay samples, pH values of ASW were measured. These pH values are called 

“initial pH”. At the end of the experiments, pH values were measured immediately after 

filtration of the ASW samples. These pH values are called “final pH”. Before the experiment 

we conducted a series of testing experiments to observe the pH drifting. pH of ASW samples 

drifts within 30 minutes after adding Fe–Mn nodule or pelagic clay samples, but thereafter it 

almost keeps stable. The pH values measured 30 minutes after adding Fe–Mn nodule or 

pelagic clay samples are the same as the “final pH” (pH measured 24 hours later). Therefore, 

we used final pH values in discussions. 

 

3.4. ICP-MS measurements on artificial seawater samples 

To reduce spectral interferences and to avoid interface cone clogging, sample pre-

dilution and reaction/collision cell are introduced to improve the performance of ICP-MS 

measurements on seawater samples (Leonhard et al. 2002; McCurdy and Woods 2004; Grotti 

and Frachea 2007). In this study, the multi-elements concentrations were analysed in the 

filtered ASW samples by ICP-MS (7700x, Agilent Technologies, USA) at the Geological 

Survey of Japan, National Institute of Advanced Industrial Science and Technology, Japan. 

All samples were diluted 20 times by adding 2% HNO3 (Tamapure, Tama Chemicals, Tokyo, 
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Japan), in which 10 ng/g each of Be, Sc, Y, and Tl were added as internal standards to control 

matrix effects and correct for instrumental drift. To approximate the matrix of these 20-times-

diluted samples, the calibration standards were prepared by adding multi-element standard 

solutions XSTC-622 (SPEX Certi-Prep, USA) into 20-times-diluted ASW blanks. All the 

measurements were corrected using internal standards as follows: Be was used to correct Li 

and B, Sc to correct Al through As, Y to correct Rb through Ba, and Tl to correct W and U. 

Li, B and Al were measured on standard mode (No Gas mode); V, Cr, Mn, Cu, Zn, Ga, As, 

Rb, Mo, Ag, Cd, Sb, Cs, Ba, W and U were measured on Helium gas mode. Detection limit 

of all elements is below 0.01ng/g except for B (0.02 ng/g). Analytical error during the ICP-

MS measurement was typically <±2.5% RSD (error was <±5% RSD for Al and Zn) at 

element concentrations of 10 ng/g. 

 

3.5 Result of artificial seawater experiment 

The pH measurements are presented in Table 2.2. Final pH values drifted from the initial 

pH values that were taken before the addition of JMn-1 or JMS-2. At a S/L ratio of 1/10,000, 

the final pH values only drifted within 0.05 of their initial values. When the S/L ratio was 

1/1000, the pH drifted further from the initial values. The pH drift was negligible (within 

0.01) for the JMn-1 trials when the initial pH was set to 7.38. ASW samples in the JMn-1 

trials with a lower initial pH experienced a pH increase, whereas ASW samples with a higher 

initial pH experienced a pH decrease. Negligible pH drifting occurred in the JMS-2 trials 
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Table 2.2 pH values before and after the addition of the JMn-1/JMS-2 samples to the ASW. Initial pH 

refers to the pH value of the ASW immediately following CO2 or CO2-free-air aeration. Final pH refers 

to the pH value of the ASW measured immediately after filtration of the ASW samples at the end of 

the experiments. 
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with an initial pH of 7.69. However, similar to the JMn-1 trials, trials with higher initial pH 

values saw a pH increase and trials with lower initial pH values saw a pH decrease. At the 

highest S/L ratio, 1/100, the drift from initial pH values was pronounced. JMn-1 samples saw 

a pH decrease of 1.1 (from 8.57 to 7.47) and JMS-2 samples saw a pH decrease of 0.65 (from 

8.57 to 7.92). pH values of the ASWs varied according to the S/L ratio and initial pH values, 

and these changes reached equilibrium within 30 minutes. Therefore, final pH values 

obtained at the equilibrium were used (Wang, et al. 2017). Due to the substantial pH change 

during the trials with a S/L ratio of 1/100 and the high dilution factor during the trials with a 

S/L ratio of 1/10,000, the discussions presented in the next section focus mainly on the trials 

with a S/L ratio of 1/1000. 

As the ASW samples were diluted 20 times before ICP-MS measurement, Table 2.3 

presents the adjusted ICP-MS data after multiplication by a factor of 20. The concentrations 

of Li, Mn, Cu, Zn, Ga, Cd and Ba increased as the ASW acidified from weak alkaline to near 

neutral. On the contrary, the concentrations of Al, V, Cr, As, Rb, Mo, Ag, Sb and W decreased 

as the pH declined. The concentrations of B, Cs and U did not present any clear trends with 

the pH decreases. 
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Table 2.3 Elemente concentrations in the filtrate ASW sample after 24 hours of exposure of JMn-

1/JMS-2 to different pH conditions. The concentrations are presented after adjusting for sample 

dilution in nitric acid by multiplying by a factor of 20. (chemical compositions of JMn-1 and JMS-2 are 

from Terashima et al. 1995, 2002 and Awaji 2009) 
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4. Discussion 

4.1. Chemical co-precipitation in the phosphate buffer solution experiments 

The ion activation product and saturation index of metals in the leachates of phosphate 

buffer solution experiment were calculated according to the metal concentration obtained by 

the ICP-MS measurements. The saturation of metals is shown in Table 2.4. In 0.1 M of 

phosphate buffer solutions, Al, Cu, Fe, Mg, Mn, Pb, and V tend to co-precipitate with PO4
3– 

at all pH values in our experiment, while other elements seem to be not affected by the co-

precipitation reactions with PO4
3–. It infers that the element behavior of Al, Cu, Fe, Mg, Mn, 

Pb, and V should be different from that in the real marine environment. Therefore, we do not 

use the concentration of these elements for discussion the influence of pH changes on the 

metal release from deep-sea sediments. The trend of other elements agrees with the result of 

artificial seawater experiments. 

 

4.2. pH drifting in the artificial seawater experiments 

The pH of ASW fluctuated for 30 minutes after the addition of deep-sea sediments; this 

has rarely been documented in previous studies. The influence of deep-sea pelagic clays on 

the vertical pH profile in the Pacific Ocean was noted by Park (1966), but this work 

ascertained neither how the deep-sea sediments influenced the pH of seawater nor how far 

above the sea floor this influence altered the pH profile. Stumm et al. (1970) and Schindler 

(1975) has proposed “Surface Complex Formation Model” to describe the reactions between  
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Table 2.4 Oversaturation/undersaturation of metals in 0.1 M of phosphate solutions. 
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solid phases and solutions. In this model, hydroxyl groups on the surface of solid phases such 

as Si-OH, Mn-OH and Fe-OH are generated due to the hydrolysis of oxide surfaces once the 

solid phase is exposed to solutions. Boehm (1971) found that hydroxyl groups on the surface 

of solid phases are either acidic or basic in character, due to their structure, and the acidic and 

basic properties depend on the nature of the oxide in the solid phase. Surface hydroxyl groups 

can react with water molecules and charged ions/complexes in the solutions and release or 

fix H+ or OH
－
 and thus influence the solution’s acidity. The pH of point of zero charge 

(pHPZC) of the solid phase determines the surface charge of the hydroxyl groups at a given 

pH value (Stumm and Morgan 1996). Protonation occurs when the pH of a solution is lower 

than the pHPZC of the solid phase; consequently, H+ ions fix to the surface hydroxyl groups, 

and the pH of the solution increases. Contrarily, deprotonation results in the releasing of H+ 

ions from surface hydroxyl groups when the pH of the solution is higher than the pHPZC of 

the solid phase, and consequently in the decrease of the pH of the solution. 

The pHPZC values of Fe–Mn nodules and pelagic clays in seawater are still unknown. 

Parida et al. (1996) conducted acid-base titration using a Fe–Mn nodule sample in KNO3 

supporting electrolyte and found pHPZC to be ~4.5. They expected that the pHPZC of Fe–Mn 

nodules is the average of the pHPZC values of MnO2, FeOOH, Al2O3 and SiO2. In this study, 

the pH measurements shown that the addition of JMn-1 or JMS-2 lowered the pH of ASW 

samples with high initial pH values but raised the pH of samples with low initial pH values 

(Figure 2.3). These pH drifts are consistent with the pH regulating processes caused by pHPZC  
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Figure 2.3 pH drifting after the addition of JMn-1 or JMS-2. The addition of JMn-1 or JMS-2 lowered 

the pH of ASW samples with elevated initial pH values but raised the pH values of ASW samples with 

lowered initial pH values. 
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of solid phases. Furthermore, in the experiments at a S/L ratio of 1/1000, we found the least 

pH drifts (0.01) when initial pH values are 7.38 for JMn-1 and 7.69 for JMS-2. Therefore, 

we infer that the pHPZC of JMn-1 and JMS-2 in the ASW is ~7.4 and ~7.7, respectively. The 

pHPZC value of JMn-1 in ASW is different from the observed pHPZC value reported by Parida 

et al. (1996), this is because the observed pHPZC are always influenced by the composition of 

the solutions. Zaman et al. (2009) also reported that the composition of solutions causes 

obvious pHPZC shifting.  

The observed buffer capacities of JMn-1 and JMS-2 may invoke the idea that deep-sea 

sediments are able to mitigate ocean acidification to some extent. However, considering that 

the ratio of total seawater mass to exposed deep-sea sediment surface is quite big, this pH 

buffer effect might be very limited. In addition, the observed pH drifting reached equilibrium 

within 30 minutes in the experiments, which indicates that surface hydroxyl groups react with 

seawater very rapidly. Therefore, it is suggested that the buffer process of deep-sea sediments 

would not influence the element mobility at long time-scale. 

 

4.3. Elements released into the artificial seawater mainly originated from exchangeable 

fractions 

It is untenable to evaluate the element compositions of solutions based on the total 

abundance of the bulk sediments, since sediments can be partitioned into five specific 

fractions: Exchangeable fraction, Carbonate-bounded fraction, Fe–Mn oxide-bounded 
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fraction, Organic matter-bounded fraction and Residual fraction (Tessier et al. 1979; Bayon 

et al. 2002), and elements in different fractions have differentiated behavior. Elements in 

Exchangeable Fraction are adsorbed onto mineral surfaces and controlled by sorption-

desorption processes; Carbonate-Bounded Fraction are susceptible to pH changes; Fe–Mn 

Oxide-Bounded Fraction are unstable under anoxic conditions; Metals in marine 

environments can be bound to Organic Matter-Bounded Fraction through bioaccumulation 

processes in certain living organisms; Residual Fraction mainly contains primary and 

secondary minerals which hold trace metals within their crystal structure. Elements in this 

fraction are not expected to release into seawaters over a reasonable time span under normal 

conditions in the marine environment. Metal extraction experiments in Fe–Mn mining 

industries have demonstrated that strongly acidic or alkaline reagents can extract valuable 

metals from deep-sea Fe–Mn nodules or crusts (Kanungo and Das 1988; Charewicz et al. 

2001). Compared to the pH conditions in industrial metal extraction procedures, the pH range 

of natural seawater is quite mild. Therefore, we infer that the elements released into the ASW 

should be mainly derived from the exchangeable fractions of JMn-1 and JMS-2 with 

concentrations mostly controlled by sorption-desorption processes. Previous studies have 

also reported that the process of metal enrichment in Fe–Mn nodules in marine environments 

is controlled by sorption-desorption mechanisms due to the high porosity and specific surface 

area of Fe–Mn nodules (Koschinsky and Hein 2003; Glasby 2006; Wang, et al. 2017). 
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4.4. pH-regulated element concentrations in artificial seawater 

The sorption-desorption processes occurring between solutions and solid phases are 

closely related to the physical-chemical properties of the host phases and ion species in the 

solutions (Koschinsky and Halbach 1995; Koschinsky and Hein 2003). In the Surface 

Complex Formation Model, hydrolysis of the solid phase surface results in different surface 

charge. When pH of the solutions is below pHPZC of the solid phase, protonation occurs on 

the solid phase surface and the surface is positively charged. Deprotonation occurs when pH 

of the solutions exceeds the pHPZC of the solid phase and the surface becomes negatively 

charged. Plotting of surface charge versus pH shows a monotonically increasing trend in 

surface charge as pH decreases. The pH measurements shown that the pHPZC of JMn-1 and 

JMS-2 in ASW is about 7.38 and 7.69, respectively. Therefore, the surface charge of JMn-1 

and JMS-2 increase monotonically as the pH of ASW samples decreases from 8.1 to 7.2. 

Coulombic electrostatic interaction has been used to explain the sorption-desorption 

processes between charged species in solution and host phases. Cations such as alkali and 

alkaline earth metals are preferentially adsorbed on the negatively charged surface, while 

neutral or negatively charged complexes and anions bind to the slightly positively charged 

surfaces (Koschinsky and Halbach, 1995; Koschinsky and Hein, 2003). As discussed above, 

the surface charge of JMn-1 and JMS-2 increase monotonically as the pH of ASW samples 

decreases from 8.1 to 7.2, therefore, according to Coulomb’s law, the attractive force on 

positively charged ions and the repulsive force on negatively charged ions decreases 
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(Koschinsky and Halbach 1995; Koschinsky and Hein 2003). In other words, as the pH of 

the ASW changes from 8.1 to 7.2, positively charged ions in the ASW are more likely to be 

desorbed from the solid phases, while negatively charged ions are more easily adsorbed by 

the solid phases. Consequently, variations in element concentrations in the ASW are primarily 

determined by the ion species present in the solutions. 

A compilation of dissolved inorganic elements found in seawater is shown in Table 2.5. 

Li, Mn, Cu, Zn, Rb, Cd, Cs and Ba exist mainly as free cations or positively charged 

complexes in seawater (Byrne 2002). As the pH of the seawater decreases, these elements 

are more likely to release from sediments; thus, their concentrations will increase, as was 

shown in Figure 2.4. The principal species with negatively charged ions in seawater are V, 

As, Mo, Ag, Sb, W and U (Byrne 2002; Endrizzi and Rao 2014). Although V and As exist in 

seawater in various forms, all are negatively charged. Thus, their concentration in the ASW 

decreased as the pH decreased. Mo and W normally take the forms of MoO4
2－ and WO4

2－, 

in seawater, respectively (Byrne 2002; Millero 2013). Therefore, as solution pH decreases, 

they tend to be absorbed by the sediments, resulting in a decrease of their concentrations in 

seawater. 

As the pH of ASW samples decreased, no obvious increase or decrease in concentration 

of Mn in ASW (JMn-1) was observed (Figure 2.4), although Mn is one of the most abundant 

elements in Fe–Mn nodules. This may be attributed to that Mn rarely being associated in the 

exchangeable fraction of Fe–Mn nodules (Koschinsky and Hein 2003). As the acidity of the  
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Table 2.5 Relative abundance of dissolved inorganic species in seawater. Li, Mn, Cu, Zn, Rb, Cd, Cs 

and Ba mainly exist as free cations or positively charged complexes in seawater, (Byrne 2002) 

whereas V, As, Mo, Ag, Sb, W and U exist in seawater as negatively charged ions (Byrne 2002; 

Endrizzi and Rao 2014). 
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Figure 2.4 Element concentrations in the filtrate ASW sample in response to pH after 24 hours 

exposure of the JMn-1 and JMS-2 to ASW (S/L(solid-to-liquid) =1/1000). 
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ASW increased, almost no Mn was released from Fe–Mn nodules; therefore, Mn 

concentrations in the ASW (JMn-1) shown no significant variation. The Mn concentration in 

the ASW (JMS-2) shown a distinct increase as pH of the seawater decreased, which may 

suggest that the amount of Mn in exchangeable fraction of pelagic clays is higher than that 

in exchangeable fraction of Fe–Mn nodules. The different trend of element concentration 

observed for Li and Mo in JMn-1 trials and JMS-2 trials may be attributed to the same reason. 

Comparing to the ASW (JMn-1), low element concentration of Li and Mo in ASW (JMS-2) 

suggests that the amount of Li and Mo in the exchangeable fraction of JMS-2 is lower than 

that in JMn-1, therefore, as the pH of ASW samples decreases, the amplitude of Li and Mo 

in ASW (JMS-2) is much smaller than that in ASW (JMn-1). 

 

4.5. Influence of pH change on deep-sea Fe–Mn nodules and pelagic clays 

The pH of seawater varies both spatially (from the deep-sea to shallow sea) and 

temporally (from present to the coming centuries); therefore, an assessment of metal release 

from deep-sea sediments should be taken into consideration. To assess the influence of pH 

changes on deep-sea Fe–Mn nodules and pelagic clays (in this study, JMn-1 and JMS-2), the 

concentrations of B, Al, Cr, Mn, Cu, Zn, As, Mo, Ag, Cd, Sb, Ba, W and U used in the study 

were compared with the chemical composition of natural seawater (Yuan-Hui 1991) and there 

widely used international water quality criteria: EC (European Communities) 1998; WHO 

(World Health Organization) 2011; USEPA (United States Environmental Protection Agency) 
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2012. Depending on the S/L ratio, a certain factor must be multiplied to the concentration of 

elements in leachates before they can be compared with the water quality standard (Gupta, et 

al. 2005; WHO 2011; USEPA 2012). Previous studies used a factor of 0.1 when using a S/L 

ratio of 1/10 and 1 with a S/L ratio of 1/100. The S/L ratio used here was 1/1000; therefore, 

a factor of 10 should be multiplied to the element concentration in ASW (Figure 2.5). 

Comparing the results of this study with the water quality criteria, Al, Cr, Mn, Cu, Zn, 

Sb and U were generally below their threshold limits for water quality criteria. However, 

when comparing with the strictest criterion, Al concentration in ASW samples treated with 

pelagic clay (JMS-2) exceeded its criterion when the pH was higher than 7.46. When the pH 

dropped lower than 7.46, the Mn concentration in ASW samples treated with pelagic clay 

(JMS-2) exceeded its threshold. The concentration of As in the JMn-1 and JMS-2 trials 

exceeds the criteria when pH values were higher than 7.87. Furthermore, the concentration 

of Mo in all samples exceeded the WHO criterion, although it did show good linear variation 

with decreasing pH. Cd concentration was harmful according to the strictest criterion in the 

ASW samples treated with JMn-1 with a pH lower than 7.60. Contrarily, samples with pH 

values higher than 7.37 shown a slight desorption of Sb. 

The concentration of almost all elements in the ASW samples exceeded that of natural 

seawater, except for Uranium (Figure 2.5). Concentrations of heavy metals Mn, Cu, Zn and 

Cd increased as the pH decreased and exceeded that of natural seawater by a factor of 10–

740, 10–35, 60–340 and 10–50, respectively. The concentration of toxic elements, such as As  
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Figure 2.5 Comparison of dissolved multi-elemental concentrations in ASW measured with S/L (solid-

to-liquid) = 1/1000 experiments at different pH with those of natural seawater and those indicated in 

international water quality criteria. (Data in this figure are multiplied by a factor of 10; see the text) 
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and Ag, also exceeded that of natural seawater, but these elements tended to be released at 

weak alkaline conditions rather than at low pH. 

 

4.6. Comparison with sediment-seawater interaction in natural aquatic environments 

Differences and similarities between seawater in natural aquatic environments and ASW 

used in this study need to be carefully considered when comparing our results with those 

from natural aquatic environments. The temperature used in this study is close to that in sea 

surface environment. The result provides a good assessment when fine particles of Fe–Mn 

nodule and pelagic clays are brought to the sea surface by deep-sea mining operations. 

However, this temperature is much higher than that of the deep-sea waters, directly 

transposing the result to the deep-sea may lead to an overestimate of the mobilities of the 

elements. Our result shown that some elements in ASW samples exceeds the water quality 

criteria and even almost all elements exceeded the composition of natural seawater, but 

considering the overestimate caused by higher temperature, the release of elements from 

sediments into seawaters occurring in deep-sea might be less. Furthermore, the geochemical 

reference samples, JMn-1 and JMS-2, used in our experiments had been crushed into fine 

pieces during the preparation of the geochemical reference materials by the Geological 

Survey of Japan (Terashima et al., 1995; Terashima et al., 2002). This may bring about 

differences between in-situ processes and in-door experiments in terms of the particle size of 

the Fe–Mn nodules and pelagic clays. Deep-sea mining operations are expected to resuspend 
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huge amounts of sediment into the water column (Glasby, 2006; Kim et al., 2013; Sharma, 

2015), released tailings and uncontrolled discharge accompanied by pipe breakage (Oebius 

et al., 2001). In our experiments, the fresh surface of finely-crushed samples was directly 

exposed to ASW, which provides a good analog for resuspended sediment or released tailings, 

where the fine particles are directly exposes to the seawater. In addition, to minimize 

biological effects and to provide reproducible solutions of known composition, ASW without 

organic components was produced in this study, but natural seawater has a certain level of 

organic components (Senanayake 2011). 

Despite the above differences, the usage of ASW and CO2-induced pH regulation system 

allowed us to investigate the element behavior in response to the seawater pH changes caused 

by ocean acidification and to estimate potential element release from two representative metal 

rich deep-sea sediments under the background of ocean acidification. The release of elements 

those exist as positively charged ions becomes easier when seawaters become more acidified, 

this trend is not affected by temperature or sediment-to-seawater ratio. Therefore, the release 

of this type of elements, such as Mn, Cu, Zn and Cd, should be taken into consideration when 

assessing the potential influence of ocean acidification on deep-sea Fe–Mn nodules and 

pelagic clays. 
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5. Conclusions 

The pH drifting observed is consistent with the pH regulating processes caused by 

reactions between surface hydroxyl groups on solid phase and charged ions/complexes in the 

ASW. Based on the pH changes, the pHPZC values of JMn-1 and JMS-2 in the ASW is 

estimated to be ~7.4 and ~7.7, respectively. The buffer capacities of JMn-1 and JMS-2 imply 

that deep-sea sediments may have local effects on pH of seawater when S/L ratio is large. 

Considering the mild and narrow pH range caused by ocean acidification, elements 

those can release into seawater should be mainly derived from the exchangeable fractions of 

Fe–Mn nodules and pelagic clays. Variations in the concentrations of elements are affected 

by sorption-desorption processes, which are primarily determined by changes in the pH-

regulated surface charge of solid phase and the ion species in seawater. 

Decreasing pH of ASW enhanced the release of elements taking positively charged 

species, although these concentrations did not far exceed the water quality criteria. In terms 

of the potential risk of heavy metal release, Mn, Cu, Zn and Cd should be taken into 

consideration when assessing the influence of ocean acidification on deep-sea environment. 
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Chapter 3 

 

Response of planktonic foraminiferal shells to ocean 

acidification revealed by X-ray microcomputed 

tomography 
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Abstract 

In this chapter, the size-normalized weight of Globigerinoides ruber (white) shells in 

core MD98-2196 was measured. The result tracks the variation of atmospheric pCO2 and 

confirms the previous studies those arguing the size-normalized weight reflects surface 

seawater carbonate chemistry. The clean surfaces, unambiguous silhouette, and well-

preserved pores on the outer shells of G. ruber (w) revealed by the high-resolution X-ray 

microcomputed tomography (XMCT) images indicate that the shells of G. ruber (w) in all 

the core samples suffered from almost negligible post-depositional alteration. The XMCT-

derived foraminiferal shell volume and shell density improved our understanding of the 

representative meaning of the foraminiferal size-normalized weight. Ocean acidification 

affects the shell volume (i.e., shell wall thickness) rather than shell density of foraminiferas. 

This result is new direct evidence supporting previous studies. The result indicates that 

increasing atmospheric pCO2 associated with ocean acidification will hinder the 

foraminiferas to secrete thick carbonate shells, this may have a significant influence on 

paleoceanographic applications of the planktonic foraminiferal shell.  
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1. Introduction 

Absorption of atmospheric CO2 into the oceans regulates the CO2 partial pressure (pCO2) 

in the atmosphere, alters the acidity of the surface seawaters; meanwhile, changes surface 

seawater carbonate ion concentration [CO3
2−]. Since the pre-industrial era, the oceans have 

taken up approximately 50% of the anthropogenic CO2, lowering the pH of the surface 

seawaters, known as “ocean acidification”. The process of ocean acidification has been 

demonstrated from a series of simulations, hydrographic surveys, and time series data 

(Caldeira and Wickett 2003, Key et al. 2004, Raven et al. 2005, Kump et al. 2009). 

Although the absorption of atmospheric CO2 by the seawaters mitigates pCO2 rise, 

oceanic uptake has caused a decline of surface seawater [CO3
2−] and in turn a decrease in 

calcite and aragonite saturation states. By the middle of this century, an increased 

atmospheric pCO2 will decrease the carbonate saturation state in the tropics by 30% relative 

to the pre-industrial values (Kleypas et al. 1999). 

Many marine organisms, such as coral reefs, coccolithophorids, and foraminiferas build 

up their skeletons/shells by using carbonate ion in the ambient seawaters. Pieces of evidence 

show that carbonate saturation state is correlated with the rate of marine calcium carbonate 

production and is sensitive to elevated pCO2 (Kleypas et al. 1999, Riebesell et al. 2000, 

Barker and Elderfield 2002, Orr et al. 2005, Raven et al. 2005, Ridgwell and Zeebe 2005, 

Moy et al. 2009). Foraminiferas are among the most abundant testate protists in the world’s 

ocean, and their shells make up a significant portion of the inorganic carbon deposit on the 
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seafloor (Langer 2008). Planktonic foraminifera shells transfer and deposit about 32–80% of 

the total calcium carbonate (CaCO3) preserved in deep-sea surface sediments (Schiebel 2002). 

A variation in calcification rate of planktonic foraminifera shells may have a significant 

impact on the global carbon cycle. On the other hand, metrics of planktonic foraminiferal 

calcification rate have been proposed to be used as potential proxies for changes in marine 

carbonate chemistry (Barker and Elderfield 2002, Moy et al. 2009, Marshall et al. 2013). 

Consequently, it is imperative to understand how and the extent to which the ocean 

acidification affects the calcification of planktonic foraminifera by decreasing surface 

seawater [CO3
2−]. 

Initial observation of carbon and oxygen isotopic covariation in response to changing 

[CO3
2−] invoked much attention on the relationship between foraminiferal calcification rate 

and ambient [CO3
2−] (Spero et al. 1997, Bijma et al. 1999). The size-normalized weight has 

been employed as a proxy for the calcification of foraminiferal shells ever since Barker and 

Elderfield (2002) reported a strong positive linear correlation between ambient [CO3
2−] and 

planktonic foraminiferal size-normalized weight. Thereafter, the size-normalized weight of 

foraminiferas has been used to reflect the surface carbonate system (Bijma et al. 2002, Mekik 

and Raterink 2008, Moy et al. 2009, Naik et al. 2010, Marshall et al. 2013, Marshall et al. 

2015, Osborne et al. 2016). However, some studies suggested that other environmental 

variables such as optimum growth conditions and carbonate saturation state of the bottom 

waters may also affect the size-normalized weight of foraminiferal shells. The temperature 
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of seawater has been considered as a control on the size variation of foraminiferal shells, with 

warmer seawater producing larger and heavier shells (Bé et al. 1973, Schmidt et al. 2004, 

Lombard et al. 2009, Hemleben et al. 2012). Implicitly assuming the surface carbonate 

system has little effect on foraminiferal calcification, foraminiferal shell weight has been 

used as a tracer of the carbonate saturation state of the bottom waters (Lohmann 1995, 

Broecker and Clark 2001). Since conflicting results have emerged addressing the reliability 

of size-normalized weight as a proxy for surface seawater [CO3
2−], it is urgent to attain a 

better understanding of the relationship between foraminiferal shell calcification rate and 

surface seawater [CO3
2−]. 

Foraminiferal culture experiments have been used as a handy and efficient way to 

estimate the effects of environmental variables such as temperature and [CO3
2−] since these 

variables can be designedly controlled in the experiments. A couple of culture studies have 

shown that a decrease in [CO3
2−] resulted in decreased foraminiferal calcification rate for 

various foraminiferal species (Spero et al. 1997, Bijma et al. 1999, Bijma et al. 2002, Russell 

et al. 2004, Lombard et al. 2010, Manno et al. 2012). However, comparing to the result of 

culture experiments, studies on marine sediment samples (plankton tow samples, sediment 

trap samples, and core samples) have shown an even stronger influence of seawater [CO3
2−] 

on foraminiferal calcification rate (Naik and Naidu 2007, Gonzalez-Mora et al. 2008, Mekik 

and Raterink 2008, de Moel et al. 2009, Moy et al. 2009, Beer et al. 2010a, Aldridge et al. 

2012, Marshall et al. 2013, Osborne et al. 2016). The difference between culture experiments 
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and marine sediment sample studies is imputed to that the cultured foraminifera did not 

complete their entire life cycle under the culture experiment conditions (Bijma et al. 2002). 

It infers that the usage of marine sediment samples and selecting the individuals that have 

completed the entire life cycle will provide a better estimate of the relationship between 

foraminiferal shell calcification rate and surface seawater [CO3
2−]. Whereas, in the case of 

using marine sediment samples, the post-depositional alteration such as bottom water 

dissolution and secondary calcite precipitation on the foraminiferal shells may confuse the 

application of size-normalized weight for reflecting surface seawater [CO3
2−] (Marshall et al. 

2013, Osborne et al. 2016). A thoroughly examining of the post-depositional alteration is 

essential before estimating the relationship between foraminiferal shell calcification rate and 

surface seawater [CO3
2−] by using size-normalized weight. 

Recent advances in X-ray microcomputed tomography (XMCT) has provided a novel 

approach to observe the internal ultra-structures of foraminiferal shells (Johnstone et al. 2010, 

Görög et al. 2012, Iwasaki et al. 2015). Due to its μm level high-resolution and three-

dimensional (3-D) scanning capacity, XMCT measurement of foraminiferal shells enables us 

to obtain datasets of shell mass, density, volume, surface area, and diameter of foraminifera 

individuals (Iwasaki et al. 2015, Iwasaki et al. 2018). Furthermore, the internal ultra-structure 

and density distribution of the foraminiferal shells revealed by XMCT fill the role in 

estimating the bottom water dissolution (Johnstone et al. 2010, Iwasaki et al. 2015) and 

secondary calcite precipitation (Kontakiotis et al. 2017) of the shells. In this study, G. ruber 
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(w) individuals were picked from core samples collected from the East China Sea. Comparing 

the XMCT results of G. ruber (w) with the previously reconstructed sea surface temperature 

(SST) and the atmospheric pCO2, we investigate the response of G. ruber (w) shells to ocean 

acidification during the past 100,000 years. 

 

2. Materials and Methods 

2.1. Sample selection 

Foraminiferal shells collected from sediments under the lysocline may have suffered 

from deep water dissolution due to the undersaturation in respect to calcite. Therefore, it is 

essential to select sediments from the area above lysocline. The piston core MD98-2196 used 

in this study was collected during IMAGES-IV cruise (1998). The core is located on the 

seafloor of the Okinawa Trough, East China Sea (29°52.58′N, 128°36.50′E) (Figure 3.1), 

with a water depth of 951 m. This water depth shallower than the depth of the lysocline 

(2,300–3,000m) in the equatorial Pacific (Pälike et al. 2012). 

The core has a total length of 3888 cm and is generally composed of homogeneous clay 

to silty clay, interrupted by 12 tephra layers and four fine silt layers (Ujiié and Ujiié 2006). 

The stratigraphy of the core was established based on the stable oxygen isotope ratios (δ18O) 

of the planktonic foraminifera Globigerinoides sacculifer (Ujiié and Ujiié 2006). The 

chronology was obtained by graphic correlation to the reference curve LR04 (Lisiecki and 

Raymo 2005) and accelerator mass spectrometer (AMS) 14C ages. The AMS 14C ages analysis  
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Figure 3.1 Core location. The core MD98-2196 was collected from the Okinawa Trough, East China 

Sea (29°52.58′N, 128°36.50′E). The water depth is 951 m, which is shallower than the present depth 

of the lysocline (2,300–3,000m) in the equatorial Pacific.  
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were performed on planktonic foraminiferal shells of Neogloboquadrina dutertrei from two 

samples (depth in core: 0 and 92 cm) and were converted into calendar ages by using the 

MARINE13 calibration curve in the CALIB 7 radiocarbon calibration program (Reimer et al. 

2013) without ΔR correction. Core MD98-2196 covers a time interval over the last 190 kyr, 

from the end of marine isotope stage (MIS) 7 to the Holocene. The average sedimentation 

rates were 30.4 cm/kyr during glacial periods and 16.9 cm/kyr during interglacial periods 

(Ujiié et al. 2016). To cover the variation range of pCO2, [CO3
2−], and pH over the last 

100,000 years, we selected six samples from the core MD98-2196. The samples are listed in 

Table 3.1. 

 

 

Table 3.1 List of the selected samples and the reconstructed SST and atmospheric pCO2. 

 

 

2.2. Foraminifera collection and weight-size measurement 

The foraminiferal calcite shells are sensitive to acid. The usage of acidic chemical 

reagents during sample pre-treatment may bring significant bias in the measurements of shell 
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weights and shell volume. Before the experiment, we conducted a couple of testing 

experiment to confirm the cleaning procedure. Finally, we found that carefully conducted 

water flush washing is adequate to remove the clays or coarse-grained silicates. 5~8 cm3 of 

sediment samples were dried under 40°C for 12 hours and then washed and sieved through a 

63 μm mesh. All the shells of G. ruber (w) were picked from the samples (300–480 μm size 

fraction) under a stereomicroscope (Olympus SZX12, Olympus Optical Co., Ltd., Tokyo, 

Japan). 

The weights of individual shells were measured with a microbalance (Orion Cahn C-35 

Thermo Scientific, USA). Analytical precision during the weight measurements was 0.4 μg 

(±1σ) (n=20). Individual foraminiferal shells from each sample were photographed with the 

stereomicroscope for size analysis (Figure 3.2). Digital images of all shells were taken with 

a digital microscope camera (Olympus E-PL6, Olympus Optical Co., Ltd., Tokyo, Japan), 

and the sizes of the shells were determined with graphics process software (CorelDRAW X8, 

Corel Co. Ltd. USA). 

Due to that, the XMCT measurement is quite time consuming, XMCT measurements 

were not performed on all foraminifera individuals. Instead, 3~6 foraminifera individuals 

which have the size-normalized weight value that close to the mean value were selected for 

XMCT measurements. 
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Figure 3.2 Shell of G. ruber (w) for size measurement. The length of long axis is used as the shell 

size.   
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2.3. X-ray microcomputed tomography measurement 

A ZEISS Xradia 410 Versa (Carl Zeiss X-ray Microscopy, Inc., Germany) was used to 

image the internal ultra-structure and density distribution of the shells of G. ruber (w). The 

scanning was performed in Center for Advanced Marine Core Research, Kochi University. A 

high-resolution setting was used for 3-D quantitative densitometry of the foraminiferal shells 

(X-ray tube voltage of 80 kV and current of 125 amperes, spot pixel size of 1.0 μm, detector 

array size of 1,000×1,000, 3.0 second/projection and 2,100 projections/360°). The sample 

holder was made of a pencil core, with foraminiferal shell individuals glued on the top of the 

sample holder using water-soluble glue (tragacanth gum) so that the shells could be recovered 

afterward. A grain of quartz was mounted aside to the sample holder and scanned 

simultaneously with the shells to standardize the CT number of each shell. All the shells were 

scanned with the same quartz to calibrate the relative density of shells and to distinguish the 

density distributions in the foraminiferal shells with high resolution (Figure 3.3). MolcerPlus 

3-D imaging software (White Rabbit Co. Ltd.) was used to process the 3-D CT image. 

Volume rendering was performed on a 970-tiff image stack. 

 

2.4. Shell volume, shell wall thickness, and shell density 

3-D images of each foraminiferal shell were generated based on a 970-tiff image stack 

and are made up as pixels. When processing the images by MolcerPlus, the 3-D image is 

constituted in voxels. Since the length of one side of this voxel is the resolution of XMCT  
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Figure 3.3 Experiment settings of the XMCT measurements. The sample holder was made of a pencil 

core, with foraminiferal shell individuals glued on the top of the sample holder using water-soluble 

glue (tragacanth gum) so that the shells could be recovered afterward. A grain of quartz was mounted 

aside to the sample holder and scanned simultaneously with the shells to standardize the CT number 

of each shell. All the shells were scanned with the same quartz to calibrate the relative density of 

shells and to distinguish the density distributions in the foraminiferal shells.  
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measurement (1.0 μm in this study), the volume of each voxel can be calculated. MolcerPlus 

sums up the total number of voxels of the foraminiferal shells and output their total volume 

as the XMCT-based shell volume of each foraminiferal shell. 

Shell wall thickness is the shortest distance from the inner shell surface to the outer shell 

surface. Since the shell wall thickness varies from chamber to chamber (de Viler 2004), direct 

measurements of shell wall thickness via XMCT images cannot express the average shell 

wall thickness over the entire shell. 

Foraminiferal shell density can be calculated in two different ways: 1) XMCT-based 

shell density is the value obtained directly from XMCT measurements. As described above, 

the 3-D image of the foraminiferal shells is constituted as voxels during data processing on 

MolcerPlus. The CT number of the voxels represents the density of the objects; therefore, the 

shell density can be calculated by averaging the CT numbers of all the voxels and normalizing 

the mean CT number of the shell to the CT number of the quartz which was mounted aside 

to the sample holder and scanned simultaneously. 2) Measure-based shell density is the value 

obtained by dividing the measured shell weight by the XMCT-based shell volume. 

 

2.5. Seawater pH and [CO3
2−] variation over the past 100,000 years 

The atmospheric pCO2 varied dramatically during the past 100,000 years. Since the Last 

Glacial Maximum (LGM), atmospheric pCO2 had increased from about 180 ppmv to 290 

ppmv (Petit et al. 1999). Accordingly, the pH and [CO3
2−] of the surface seawaters should 
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have dropped markedly. By using the reconstructed atmospheric pCO2 (Petit et al. 1999) and 

SST (Ujiié et al. 2016), and assuming the total alkalinity (TA) was constant during the past 

100,000 years, the pH and [CO3
2−] had been calculated via CO2calc v4. We also refer to the 

reconstructed TA from the Caribbean Sea over the last 130 kyr (Foster 2008) to calculate the 

pH and [CO3
2−]. 

 

3. Results 

Both the result of TA-constant-assuming trial and the reconstructed TA trial show that 

surface seawater pH and [CO3
2−] over the past 100,000 years reached the maximum during 

the LGM and dropped down rapidly thereafter (Figure 3.4). The result of shell weight and 

size measurements of G. ruber (w) in the core MD98-2196 are shown in Table 3.2, 3.3, and 

Figure 3.5. Shell weight values were divided by shell size to calculate the size-normalized 

weight. The result of the size-normalized weight, shell volume, and shell density of selected 

G. ruber (w) are shown in Table 3.4, Figure 3.5, and Figure 3.6. The size-normalized weight 

covaried with the concomitant atmospheric pCO2, fluctuated from about 0.05 μg/μm to 0.02 

μg/μm. The size-normalized weight of G. ruber (w) peaked during the Last Glacial Maximum 

(LGM; 18–24 kyr) and lowered during the Holocene (0–10 kyr), with about 60% decrease in 

size-normalized weight in response to about 30 μmol/kg-seawater increase of [CO3
2−] in the 

ambient seawater (Figure 3.4 and 3.5). 
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Age (ka) 3 10 20 30 40 50 60 70 80 90 100 

  475  508  478  477  447  476  469  472  517  453  416  

  372  423  487  430  522  489  416  506  476  379  342  

  379  385  479  541  398  437  378  327  421  391  383  

  456  330  398  356  383  466  403  366  449  527  337  

  338  399  328  428  433  411  270  369  358  321  365  

  401  443  342  352  471  489  338  321  361  397  358  

  331  466  363  354  481  501  304  381  342  506  499  

  341  439  333  399  481  382  438  413  479  404  446  

  350  316  454  384  489  430  398  418  291  381  403  

  342  483  361  445  407  413  320  359  454  452  310  

  376  430  389  471  404  505  387  307  378  417  432  

  292  471    426  406  514  424  466  344  407  386  

  307  361    370  346  386  375  361  371  517  367  

  321  426    409  430  399  280  417  360  395  385  

  435  479    370  364  375  417  355  340  363  468  

    296      416  352  376  447  438  436  409  

    335      330  417  303  439  389  498  465  

    327        387    330  356  419  356  

    396        430      320  467  364  

    414        404      416  537  481  

    427        312      411  473  447  

    347              415  388  381  

    407                395  394  

Units are in μm           

Table 3.2 Result of shell size measurements of G. ruber (w) in the core MD98-2196  
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Age (ka) 3 10 20 30 40 50 60 70 80 90 100 

  21  17  26  30  25  21  28  17  22  25  13  

  13  14  17  24  24  25  11  19  19  14  9  

  10  10  20  29  12  15  15  11  14  11  9  

  24  10  19  14  24  16  17  18  13  22  9  

  8  12  9  21  13  16  4  10  9  7  11  

  12  11  9  10  14  21  12  6  7  13  7  

  9  13  9  11  14  19  9  12  7  26  17  

  14  15  11  15  20  15  22  13  19  11  13  

  8  7  12  15  21  14  18  12  6  10  14  

  8  21  9  23  12  20  6  10  22  13  6  

  11  13  14  26  13  19  13  9  11  12  18  

  5  20    26  15  20  19  20  9  13  13  

  8  10    8  11  11  14  11  10  24  7  

  10  15    12  18  18  6  11  12  11  11  

  16  17    6  9  11  18  11  10  9  17  

    10      19  12  14  14  17  19  14  

    5      9  10  8  18  10  25  18  

    9        11    10  10  17  8  

    15        15      7  17  8  

    10        12      17  25  23  

    14        7      10  15  23  

    14              12  12  11  

    15                12  14  

Units are in μg           

Table 3.3 Result of shell weight measurements of G. ruber (w) in the core MD98-2196 
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Sample ID Weight Size Weight/Size XMCT-based 

Shell Volume 

XMCT-based 

Shell Density 

Measure-based 

Shell Density 

  μg μm μg/μm ×10-3 mm3   mg/mm3 

3ka-05 8 338 0.024 4.6 1.4 1.8 

3ka-09 8 350 0.022 5.0 1.3 1.6 

3ka-13 8 307 0.026 4.1 1.4 1.9 

10ka-03 10 385 0.026 5.6 1.4 1.8 

10ka-06 11 443 0.026 7.2 1.4 1.6 

10ka-07 13 466 0.028 7.2 1.4 1.8 

20ka-03 20 479 0.042 10.5 1.3 1.9 

20ka-04 19 398 0.047 10.0 1.4 1.9 

20ka-11 14 389 0.037 7.5 1.4 1.9 

70ka-03 11 327 0.032 5.3 1.4 2.0 

70ka-08 13 413 0.032 7.6 1.3 1.8 

70ka-15 11 355 0.032 6.0 1.4 1.9 

90ka-02 14 379 0.036 7.1 1.3 1.9 

90ka-06 13 397 0.032 6.6 1.4 1.9 

90ka-12 13 407 0.032 6.8 1.4 1.9 

90ka-19 17 467 0.037 8.4 1.3 2.0 

90ka-21 15 473 0.032 7.9 1.2 1.9 

90ka-23 12 395 0.031 7.2 1.3 1.7 

100ka-01 13 416 0.031 7.4 1.3 1.7 

100ka-04 9 337 0.026 4.5 1.4 1.9 

100ka-08 13 446 0.030 8.0 1.4 1.7 

 

Table 3.4 Result of the size-normalized weight, shell volume and shell density. 
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Figure 3.4 pH and [CO3
2−] of the surface seawater (shallower than 30m water depth) calculated by 

CO2calc v4. 
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Figure 3.5 Result of shell weight and shell size measurements. 
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 Figure 3.6 Shell volume, shell density obtained by XMCT measurements.  
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4. Discussions 

4.1. Variables influencing the growth of planktonic foraminiferal shells 

The growth of planktonic foraminifera shells has been linked not only to [CO3
2−] of the 

surface seawater, but also to environmental variables such as seawater temperature and 

nutrient concentration (Bé et al. 1973; Lohmann 1995, Spero et al. 1997; Aldridge et al. 2012). 

The concept of “optimal growth” has been suggested to hypothesize that a combination of 

environmental factors controls the growth and calcification rate of planktonic foraminifera 

(de Villiers 2004). In this hypothesis, the calcification rate reduces when the “optimal growth” 

conditions are not satisfied. However, several studies attempting to verify this hypothesis did 

not find any influence of such “optimal growth” conditions on neither the individual 

calcification nor the absolute abundance of a specific species (Beer et al. 2010b, Weinkauf et 

al. 2013, Weinkauf et al. 2016). 

The seawater temperature has been considered as a control on the size variation of 

foraminiferal shells, with warmer seawaters producing relatively larger shells (Bé et al. 1973, 

Schmidt et al. 2004, Lombard et al. 2009, Hemleben et al. 2012). de Villiers (2004) suggested 

that optimum temperature may play a role in foraminiferal calcification rates measured by 

size-normalized weight. A study of eight modern planktonic foraminifera species 

(Neogloboquadrina pachyderma (sinistral), Neogloboquadrina pachyderma (dextral), 

Neogloboquadrina dutertrei, Globigerina bulloides, Globigerinoides ruber, Globigerinoides 

sacculifer, Globigerinella siphonifera and Orbulina universa) found that elevated 
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temperature led to an increase in growth rate among all these species (Lombard et al., 2009). 

On the other hand, Barker and Elderfield (2002) examined the influence of temperature on 

the size-normalized weight of Globigerina bulloides by comparing foraminiferal size-

normalized weight during the Last Glacial Maximum to the Holocene. Their result had shown 

that average size-normalized weight was higher during the Last Glacial Maximum when SST 

was low and [CO3
2−] was high. Therefore, the authors concluded that it was [CO3

2−], not 

temperature, dominantly influenced calcification rates of the shells. Lombard et al. (2010) 

observed the shell growth of Orbulina universa and G. sacculifer under different [CO3
2−] 

with constant temperature. They found a significant increase in average shell weight with no 

significant change in shell size in response to elevated [CO3
2−]. Another study on the growth 

of Neogloboquadrina pachyderma (sinistral) indicated that increased temperature resulted in 

no net change in calcification rate (Manno et al. 2012). 

Although it has been suggested that temperature plays a role in the growth of 

foraminiferal shells, more recent advances in size-normalized weight indicated that [CO3
2−] 

is the predominant factor controlling the calcification rate of foraminiferas (Marshall et al. 

2013, Osborne et al. 2016). Since SST covaries with [CO3
2−] of surface seawater, it follows 

that temperature sometimes cannot be invoked to explain the observed trends in size-

normalized weight (de Villiers 2004). 

In this present study, the size-normalized weight of G. ruber (w) in core MD98-2196 

seemingly shown a negative correlation with SST, (R2 = 0.74) (Figure 3.7). As SST rose from  
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Figure 3.7 The relationship between the shell weigh, shell size and size-normalized weight of G. 

ruber (w) in the core MD98-2196 with the SST. 
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~19 to ~27 °C, size-normalized weight decreased from ~0.05 to ~0.02 μg/μm. However, this 

contradicts the optimum growth condition of this subtropical species. G. ruber (w) inhabits 

in warm subtropical surface waters, with a habitable temperature range of 14–32 °C and an 

optimum growth temperature of 26.5~27.0 °C (Bijma et al. 1990, Schiebel and Hemleben 

2017). According to de Villiers (2004) and Bijma et al. (1990), as seawater temperature 

increases from ~19 to ~27 °C (close to the optimum growth temperature of G. ruber (w)), the 

growth rate or calcification intensity of the shells should be enhanced. However, our result 

indicated that the increased SST during the past 100,000 years have not resulted in higher 

size-normalized weight, which means the SST did not dominantly influence the calcification 

rate of G. ruber (w). 

Some studies have suggested that nutrient concentration of the surface seawater may 

also affect the calcification rate of foraminiferal shells. Aldridge et al. (2012) linked the 

calcification rate of Globigerina bulloides to phosphate concentration ([PO4
3−]) and nitrate 

concentration ([NO3
−]) in surface waters of the North Atlantic Ocean. Based on the negative 

correlation between the average shell mass and the nutrient concentration, the authors 

inferred that a high concentration of these nutrients has adversely affected the calcification 

of Globigerina bulloides. However, the authors overlooked the strong negative correlation 

that exists between PO4
3− and CO3

2−. When [PO4
3−] of the surface seawater increases, [CO3

2−] 

is decreased, making it difficult to differentiate which is the best explanation of the observed 

variability in average shell mass of Globigerina bulloides. Two recent studies of sediment 
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trap samples in the Cariaco Basin, Venezuela, and Santa Barbara Basin, California indicated 

that nutrient concentration does not play a critical role in controlling calcification rate of 

planktonic foraminiferal species G. ruber and G. sacculifer (Marshall et al. 2013, Osborne et 

al. 2016). The covariation of nutrient concentration and [CO3
2−] may sometimes lead to 

misleading correlations between the calcification rate of foraminiferal shells and the nutrient 

concentration in ambient seawaters (Marshall et al. 2013). 

 

4.2. Post-depositional alteration 

The extent to which the foraminiferal shells are preserved in marine sediments is another 

consideration for the application of size-normalized weight as a proxy reflecting surface 

seawater [CO3
2−] (Barker et al. 2004, Gibbs et al. 2010). Below the lysocline, due to the 

unsaturated carbonate state of the bottom waters, the partial dissolution of planktonic 

foraminiferal shells may lead to underestimated size-normalized weight and bias the 

application of size-normalized weight as a proxy reflecting surface seawater [CO3
2−]. Even 

above the lysocline, acidification and undersaturated carbonate states of the pore water 

produced by the oxidation of organic material within sediments is another significant cause 

of carbonate dissolution (Archer and Maier-Raimer 1994, Martin and Sayles 1996). To the 

opposite, in high salinity and carbonate oversaturated geological settings, the secondary 

calcite precipitation on the outer crust of foraminiferal shells may result in overestimated 

size-normalized weight by increasing the shell weight (Marshall et al. 2013). Therefore, 
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before being used to indicate the surface seawater carbonate chemistry, the post-depositional 

alteration, such as the partial dissolution or the second calcite precipitation, of the 

foraminiferal shells should be thoroughly examined. 

Several semiquantitative methods have been developed to evaluate the post-depositional 

dissolution of foraminiferal shells in marine sediments. Such as the ratio of benthic to 

planktonic shells (Metzler et al. 1982); the ratio of unbroken to fragmentary shells (Hebbeln 

et al. 1990, Mekik and François 2006); the relative abundance of dissolution resistant and 

dissolution susceptible species (Berger 1970), and the abundance of organic linings preserved 

after the shell dissolved (Le and Shackleton 1992, de Vernal et al. 1992). However, since the 

post-depositional dissolution of foraminiferal shells initiates from the inner chambers, the 

observation from the outside of the shells may not be able to detect the possible post-

depositional alteration (Brown and Elderfield 1996, Johnstone et al. 2010, Iwasaki et al. 

2015). 

A scanning electron microscopy (SEM) method has been developed to observe the 

potential influence of post-depositional alteration on the shells of G. ruber in the Eastern 

Mediterranean Sea (Kontakiotis et al. 2017). The high-resolution SEM images of the surface 

characteristic and the internal ultra-structure of G. ruber revealed that the shells had been 

profoundly affected by secondary calcite precipitation in high salinity and carbonate 

oversaturated situations. Johnstone et al. (2010) used an XMCT to examine the post-

depositional dissolution of foraminiferal shells from core sediments. The authors divided the 
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post-depositional dissolution process into five stages based on the appearance of the XMCT 

images. This detailed study revealed that dissolution initiated from the inner chambers of the 

shell. 

In the present study, core MD98-2196 was collected from the Okinawa Trough, East 

China Sea with a water depth of 951 m. This depth is shallower than the present depth of the 

lysocline (Pälike et al. 2012). Therefore, we infer that the post-depositional dissolution on 

the shells of G. ruber (w) in the sediments should be very limited. On the other hand, the 

XMCT images show that the shell walls of G. ruber (w) in all samples have an unambiguous 

silhouette, and the pores on the outer wall are well preserved (Figure 3.8), which indicates 

that G. ruber (w) shells in all samples suffered from almost negligible post-depositional 

dissolution and are nearly perfectly preserved (Johnstone et al. 2010). Furthermore, 

compared to the result of Kontakiotis et al. (2017), the XMCT images of the shell surface of 

G. ruber in all samples shown quite clean surfaces (Figure 3.8), which means G. ruber (w) 

shells in core MD98-2196 suffered from almost no precipitation of secondary calcite 

(Kontakiotis et al. 2017). In other words, the internal ultra-structure and surface characteristic 

of G. ruber (w) shells revealed by high-resolution XMCT images infer that shells in core 

MD98-2196 are well preserved, and the post-depositional alteration is almost negligible. 
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Figure 3.8 The XMCT images of the shells of G. ruber (w) (3ka) 
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Figure 3.8 continued The XMCT images of the shells of G. ruber (w) (10ka). 
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Figure 3.8 continued The XMCT images of the shells of G. ruber (w) (20ka). 
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Figure 3.8 continued The XMCT images of the shells of G. ruber (w) (70ka). 

 

  



 85 
 

 

Figure 3.8 continued The XMCT images of the shells of G. ruber (w) (90ka). 
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Figure 3.8 continued The XMCT images of the shells of G. ruber (w) (100ka). 
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4.3. The size-normalized weight of G. ruber (w) in core MD98-2196 

We examined the influence of ocean acidification on planktonic foraminiferal 

calcification rate by comparing the size-normalized weight of G. ruber (w) in core MD98-

2196 to the concomitant variation in seawater pH, [CO3
2−], and atmospheric pCO2 during the 

past 100,000 years (Figure 3.9). The atmospheric pCO2 varied from 182 to 285 ppmv during 

the past 100,000 years (Petit et al. 1999). The size-normalized weight of G. ruber (w) in the 

core MD98-2196, covaried with the concomitant atmospheric pCO2, fluctuated from about 

0.05 μg/μm to 0.02 μg/μm. The size-normalized weight of G. ruber (w) peaked during the 

LGM (18–24 kyr) and lowered during the Holocene (0–10 kyr), with about 60% decrease in 

size-normalized weight in response to the 100 ppmv increase in atmospheric pCO2. The 

observed strong correlation between the size-normalized weight of G. ruber (w) and the 

carbonate chemistry of the surface seawater agrees with previous studies (Barker and 

Elderfield 2002, Moy et al. 2009, Marshall et a. 2013, Osborne et al. 2016), which manifest 

that the size-normalized weight of planktonic foraminiferal shells primarily reflects the 

changes of carbonate chemistry in surface seawaters. 

 

4.4. The representative meaning of the foraminiferal size-normalized weight 

So far, the size-normalized weight of planktonic foraminiferal shells had been 

interpreted as either the change in shell density or the change in shell wall thickness. An 

essential but pendent issue is what the size-normalized weight accurately represents. The  
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Figure 3.9 The size-normalized weight of G. ruber (w) in the core MD98-2196, covaried with the 

[CO3
2−] of surface seawater, fluctuated from about 0.05 μg/μm to 0.02 μg/μm. 

  



 89 
 

answer to this issue may have significant implications for paleoceanographic applications of 

planktonic foraminiferal shell chemistry. Assuming the foraminiferal shell wall thickness is 

constant and does not depend on growth conditions, Broecker and Clark (2001) applied the 

size-normalized weight of planktonic foraminiferal shells to estimate the [CO3
2−] of Atlantic 

upper deep water. Whereas, Bijma et al. (2002) predicted that surface seawater [CO3
2−] 

primarily affects shell wall thickness and inferred that the size-normalized weight is a derived 

parameter of this relationship, however, the authors provided no direct evidence. Similarly, 

culture experiments of the planktonic foraminifera Orbulina universa have shown that an 

increased [CO3
2−] produces higher size-normalized weights, which was implicitly interpreted 

as the consequence of thickened shell walls resulting from higher rates of calcification (Spero 

et al. 1997, Bijma et al. 1999). In another study, the observed higher foraminiferal shell 

weights were ambiguously attributed to denser and/or thicker shell walls (de Viler 2004). 

Apparently, there is no consensus yet about the issue mentioned above. 

Due to the tiny size of foraminiferal shells, traditional attempts to measure the shell wall 

thickness and to calculate shell density will bring about significant bias. The XMCT 

measurements provide a novel approach to observe the internal ultra-structures of 

foraminiferal shells, which serves as an entrance to “read” the shell density and shell volume 

by CT numbers (Iwasaki et al. 2018). Based on the XMCT-derived foraminiferal shell density 

and shell volume datasets, we examined their relationship with the size-normalized weights. 

The shell density (both XMCT-based shell density and measure-based shell density) of G. 
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ruber (w) seems independent of the size-normalized weight (Figure 3.10). This is unexpected, 

and distinctly different from usual imagine since the size-normalized weight has by far been 

employed to represent the average mass over size or area and therefore reflect the surface 

seawater carbonate chemistry (Barker and Elderfield 2002, Moy et al. 2009, Marshall et a. 

2013, Osborne et al. 2016). However, the shell density of G. ruber (w) and its weak 

correlation with size-normalized weight suggest that the foraminiferal size-normalized 

weight represent some other parameter rather than shell density. 

Since the shell wall thickness varies from chamber to chamber (de Viler 2004), direct 

measurements of shell wall thickness via XMCT images cannot express the average shell 

wall thickness over the entire shell. As an alternative approach, we used the XMCT-based 

shell volume to examine the relationship between shell wall thickness and size-normalized 

weight (Figure 3.10). The shell volume of G. ruber (w) revealed by XMCT measurements 

shows a quite good correlation with size-normalized weight (Figure 3.10) and seawater pH, 

[CO3
2−], and atmospheric pCO2 (Figure 3.11). It infers that the size-normalized weight of 

planktonic foraminiferal shells represents shell volume and in turn the shell wall thickness, 

and increasing atmospheric pCO2, decreasing pH and [CO3
2−] associated with ocean 

acidification will hinder the foraminiferas to secrete thick carbonate shells. According to the 

result, a 100 ppmv increase in atmospheric pCO2 may lead to about 4×10-3 mm3 decreases in 

the shell volume of G. ruber (w). This result is new direct evidence supporting previous 

studies (Spero et al. 1997, Bijma et al. 1999, Barker and Elderfield 2002, Bijma et al. 2002). 
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Figure 3.10 The correlation of size-normalized weight with XMCT-based shell volume and shell 

density. 
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Figure 3.11 The correlation of XMCT-based shell volume and shell density with atmospheric pCO2, 

seawater [CO3
2−] and pH. 
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5. Conclusions 

The size-normalized weight measured on G. ruber (w) tracked the variation of 

atmospheric pCO2. The result of the present study confirms the previous studies those arguing 

the size-normalized weight reflects surface seawater carbonate chemistry rather than SST or 

post-depositional alteration such as bottom water dissolution and secondary calcite 

precipitation. The XMCT measurement of foraminiferal shell volume and shell density 

improved our understanding of the representative meaning of the foraminiferal size-

normalized weight. Ocean acidification affects the shell wall thickness rather than shell 

density of foraminiferas. This result is new direct evidence supporting previous studies. The 

result indicates that increasing atmospheric pCO2 associated with ocean acidification will 

hinder the foraminifera to secrete thick carbonate shells, this may have a significant influence 

on paleoceanographic applications of the planktonic foraminiferal shell. 
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1. Deep-sea Fe–Mn nodules influenced by ocean acidification due to decreasing pH 

With the continuous rise in atmospheric CO2, the pH of surface seawaters will decline 

potentially from 8.1 to 7.4, while the pH reduction of the deep-sea counterpart will be about 

0.4, declining from about 7.6 to 7.2 (Caldeira and Wickett 2003). The studies using phosphate 

buffer solutions and artificial seawaters revealed that elements in deep-sea Fe–Mn nodules 

do not simply release into seawaters according to the decreasing pH of seawaters. The 

element exchange across the interface between deep-sea Fe–Mn nodules and ambient 

seawater are controlled by sorption-desorption processes, and the element behaviors are 

regulated by the ion species exist in the seawaters and surface charge of the sediment surfaces. 

The result of the experiments by using artificial seawaters (solid-to-liquid ratio of 1/1000) 

shown that the release of elements those exist as cations or positively charged complexes 

were increased as the pH of seawater decreases. For example, the metal release of Li, Cu, Zn, 

and Cd will be 8 ng/g, 0.4 ng/g, 0.8 ng/g, and 0.1 ng/g, respectively, as the pH decreases from 

8.1 to 7.2. 

Although the seawater temperatures are different from our experiment conditions and 

the sediment-to-seawater ratios across the seafloor are difficult to determine, the usage of 

ASW and CO2-induced pH regulation system allowed us to investigate the element behavior 

in response to seawater pH changes caused by ocean acidification and to estimate potential 

element release from deep-sea Fe–Mn nodules under the background of ocean acidification. 

The decreasing pH caused by ocean acidification tends to release the elements those exist as 
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cations or positively charged complexes into ambient seawater and restrain the release of 

elements those exist as inions or negatively charged complexes. This trend is not affected by 

temperature or sediment-to-seawater ratio. Therefore, the release of this type of elements, 

such as Mn, Cu, Zn and Cd, should be taken into consideration when assessing the potential 

influence of ocean acidification on deep-sea Fe–Mn nodules. 

 

2. Planktonic foraminifera influenced by ocean acidification due to lowering [CO3
2–] 

Increasing atmospheric CO2 promotes the dissolution of CO2 into the oceans, hence 

lowers the acidity and [CO3
2–] in surface seawaters. Foraminiferal individuals collected from 

marine sediments have completed the entire life cycle and provide a better estimate of the 

relationship between foraminiferal shell calcification rate and surface seawater [CO3
2−]. The 

size-normalized weight of G. ruber (w) collected from the piston core MD98-2196 covaried 

well with the seawater pH, [CO3
2–], and atmospheric pCO2 during the past 100,000 years. 

The result agrees with previous studies and manifest that the size-normalized weight of 

planktonic foraminiferal shells reflects the carbonate chemistry of surface seawaters. 

The high-resolution X-ray microcomputed tomography (XMCT) measurements 

provided a role to examine the post-depositional alteration on the shells and revealed the 

representative meaning of the size-normalized weight of foraminiferal shells. The 

unambiguous silhouette, clean surfaces, and well-preserved pores on the outer shells of G. 

ruber (w) tra by the high-resolution XMCT images indicate that the shells of G. ruber (w) 
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suffered from almost negligible post-depositional alteration. The good correlation between 

shell volume against the seawater pH, [CO3
2–], and atmospheric pCO2 together with the poor 

correlation between shell density indicates that the changes of carbonate chemistry caused 

by ocean acidification affects the shell volume (i.e., shell wall thickness) rather than shell 

density of planktonic foraminifera G. ruber (w). 

The result study shows that a decrease in [CO3
2−] caused by increasing atmospheric 

pCO2 will hinder the planktonic foraminiferas to secrete thick calcite shells. A 100 ppmv 

increase in atmospheric pCO2 level may lead to about 4×10-3 mm3 decreases in the shell 

volume of G. ruber (w).  
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